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ABSTRACT

A parameterization of subgridscale surface fluxes over the marginal sea ice zone which has been
used earlier in several studies is modified and applied to a nonhydrostatic mesoscale model.
The new scheme accounts for the form drag of ice floes and is combined with a so-called flux
averaging method for the determination of surface fluxes over inhomogeneous terrain. Individual
fluxes over ice and water are calculated as a function of the blending height. It is shown by
comparison with observations that the drag coefficients calculated with the new parameteri-
zation agree well with data. The original scheme strongly overestimates the form drag effect.
An improvement is mainly obtained by an inclusion of stratification and by use of a more
adequate coefficient of resistance for individual ice floes. The mesoscale model is applied to off-
ice flows over the polar marginal sea ice zone. The model results show that under certain
meteorological conditions the form drag can have a strong influence on the near-surface wind
velocity and on the turbulent fluxes of momentum. Four case studies are carried out. The
maximum influence of form drag occurs in the case with strong unstable stratification and with
wind oblique to the ice edge. Under these conditions the wind stress on sea ice is modified by
at least 100% for ice concentrations less than 50% if form drag is taken into account.

1. Introduction increased roughness length (e.g., Wefelmeier, 1992)
in the MIZ to account for the increased roughness
due to floe edges. A more sophisticated conceptIn the marginal sea ice zone (MIZ), which is
originally developed for closed pack ice regionsthe transition zone between the polar pack ice
with pressure ridges was first introduced by Aryaand the open ocean, sea ice strongly influences the
(1975) and later used, e.g., by Dierking (1995) astransport of momentum, heat and moisture
well as Garbrecht et al. (1999). Arya partitionsbetween atmosphere and ocean. Dynamic forces
the total surface drag into the contributions ofexerted by wind and ocean currents on sea ice
skin drag and form drag. The skin drag representsconsiderably depend on the morphology and
the surface drag of an area with obstacles consider-especially on the size and the distribution of ice
ably lower than the average height of the largerfloes and pressure ridges. The increased atmo-
obstacles which cause the form drag. In contrastspheric shear stress over the MIZ caused by the
to Arya (1975), Hanssen-Bauer and Gjessingdynamic pressure of floe edges and ridges is taken
(1988) (H-BG 88 hereafter) establish a conceptinto account by several concepts of different
suitable for a broken ice cover which treats thecomplexities.
influence of floe edges on the form drag butThe most simple approach prescribes an
neglects pressure ridges. Mai et al. (1996) provide
an optimized drag partitioning model accounting* Corresponding author.

e-mail: gbirnbaum@awi-bremerhaven.de for the floe edge as well as for the pressure ridge
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effect by combining the models of Arya (1975) The model is based on the Boussinesq-approxi-
mated primitive equations with potential temper-and H-BG 88. Mai et al. (1996) found for the

MIZ in the Fram Strait region that the form drag ature, specific humidity and three wind

components as prognostic variables. Within thecaused by floe edges amounted up to 40% of the
skin drag, while the form drag caused by pressure present study, it is applied to situations with

strong surface forcing. Radiation is not taken intoridges on the floes located off the floe edges never

exceeded 10%. However, Garbrecht et al. (1999) account for simplicity. Furthermore, we neglect
phase changes of humidity. However, specificshow that the form drag of ridges can amount up

to 50% of the skin drag over regions with ice humidity can reach its saturation value and even

higher values.concentrations larger than 95% and even more
next to coastal barriers. Horizontal turbulent transport is neglected with

respect to the horizontal grid size (Dx= 4 km),In the present paper, a revised and extended

version of the concept of H-BG 88 is developed numerical schemes and horizontal filtering. A
simple nonlocal closure scheme (Lüpkes andwhich is applicable in the MIZ. The new concept

which we use in a nonhydrostatic mesoscale atmo- Schlünzen, 1996) which includes countergradient

fluxes of heat and humidity is used for the para-spheric model accounts for ridges at the floe edges
and includes effects of thermal stratification in the meterization of vertical turbulent fluxes in the

convective boundary layer. In case of stable strati-determination of the form drag. Furthermore, we

apply a coefficient of resistance for ice floes which fication and above the convective boundary layer
a simple mixing length scheme is applied (Herbertis based on observations over ice ridges. Turbulent

surface fluxes over the MIZ are calculated as a and Kramm, 1985).
The model equations are solved on a staggeredfunction of the blending height, which is defined

as the height at which the flow changes from ARAKAWA-C grid. The nonuniform vertical grid

size varies between 20 m and 50 m below 1500 m.equilibrium with the local surface to independence
of horizontal position. Within our new concept Above this level, it increases by a factor of 1.15

up to a maximum value of 1000 m. The first scalarthe blending height is influenced by form drag.

Both schemes, the new one and the original one grid point above the surface is at 10 m height. The
model top is at 11 000 m.of H-BG 88, are used in the mesoscale model, and

the modelled drag coefficients are compared with The surface temperature is prescribed constant

in time, and water vapour saturation is assumedaircraft-observed data. The model is applied to
off-ice flows over typical Arctic marginal ice zones at the surface. At lateral boundaries, boundary-

normal gradients of boundary-parallel wind com-which develop during cold-air outbreaks.

The outline of the paper is as follows. In ponents as well as potential temperature and
specific humidity are prescribed to zero. TheSection 2 we summarize the main features of the

used model. In Section 3 the new surface drag boundary-normal wind is derived from the prog-

nostic momentum balance equations.concept for the MIZ is presented. Model runs and
results are explained in Sections 4, 5 and 6. A For initialization, the model requires the large

scale geostrophic wind as well as quasi-stationarycomparison of modelled and observed drag

coefficients and a study of the model sensitivity to profiles of potential temperature and humidity at
the inflow boundaries. Such profiles can be deter-various assumptions of the new parameterization

are presented. mined with the 1D model version based on

observed or prescribed meteorological variables
and profiles.

2. Model description

3. Parameterization of surface drag in the
The nonhydrostatic and anelastic atmospheric

MIZ
model METRAS (Schlünzen, 1988, 1990) is used
in the same 2D version as applied earlier to Arctic

3.1. Parameterization of form drag
cold-air outbreaks by Lüpkes and Schlünzen

(1996). Hence, we only provide a short description The force exerted from the air on ice floes
consists of a pressure force (normal component)of the model characteristics.
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and a frictional force (tangential component).
According to Arya (1975) these components are
equivalent to the form drag and the skin drag.

Assuming that they point into the same direction,
the total drag of sea ice is given by the sum of
form drag and skin drag.

Our calculation of the form drag in the MIZ is
an extension of the approach of H-BG 88. In their
concept, ice floes have a flat surface and a quad-

ratic base. The air flow direction is normal to the
windward floe edges which cause the form drag.
In our extended concept, we additionally assume

small pressure ridges at the upstream and down-
stream floe edges (Fig. 1). This is justified by
aircraft based laser altimeter observations in the

Arctic MIZ (Kottmeier et al., 1994). They show
that on average the largest ridges of about 25 cm
height occur at the floe edges. We further assume,

Fig. 1. Schematic representation of the new form drag
consistent with findings of Mai et al. (1996), that parameterization.
the smaller ridges on the interior of floes contrib-

ute to the skin drag only, whereas the ridges at
the floe edges contribute to the form drag. With (z0i=10−3 m) whereas for water we use

z0w=max(kcu2*w/g, 1.5×10−5 m) (Charnock,these assumptions the form drag can be derived

similar to H-BG 88 as 1955; Clarke, 1970) with kc=0.018 (Wu, 1980)
and g the acceleration due to gravity. The friction
velocities u*w and u*i determine the skin drag ofFd=

r

2

cw
L i+L w C1−expA−0.18

L w
HfBD2 water and ice, respectively. They are calculated

within the flux averaging procedure explained in
the next section. ym,w and ym,i are the stability×

u2*w
k2 P Hf

z
0w

ClnA zz0wB−ym,wD2 dz functions of momentum over open water and over
sea ice, respectively.

+
r

2

cw
L i+L w C1−expA−0.18

L i
HrBD2 The form drag [eq. (1)] depends on the coeffi-

cient of resistance cw . H-BG 88 use cw=1.
Observations of Banke and Smith (1975) and of

×
u2*i
k2 P Hr
z
0i

ClnA zz0iB−ym,iD2 dz. (1) Garbrecht et al. (1999), however, indicate that this

value is much too large for small ice ridges. For
this reason we use the value cw=0.37 derivedThis parameterization still includes the H-BG 88

empirical correction for the reduction of wind by Garbrecht (personal communication) from air-

craft observed turbulent fluxes over the MIZvelocity downstream of ridges, but additionally
takes into account stability corrected wind profiles (Hartmann et al., 1994). This value also agrees

reasonably well with the observations of Banke[e.g., Dyer (1974)]. In eq. (1), Hf is the grid cell

averaged freeboard height at the windward floe and Smith (1975) for small ridges.
edge (distance between the water surface and the
top of the ridge) and Hr is the pressure ridge

3.2. T urbulent fluxes over ice–water surfaces:
height at the leeward floe edge (distance between

the concept of flux averaging
the flat inner ice floe surface and the top of the

ridge). L i is the length of ice floes and L w is the Mean surface fluxes over inhomogeneous sur-
faces are determined in METRAS with thedistance between ice floes. k=0.4 denotes the von

Karman constant and r is the air density. z0w so-called flux averaging method as the function of

blending height lb . The blending height is definedand z0i denote the roughness length of water and
sea ice, respectively. z0i is prescribed constant as the lowest level at which due to mixing
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processes a nearly horizontally homogeneous flow over the ice–water surface is given by
exists over the inhomogeneous surface. Our flux
averaging scheme including the calculation of lb Fm=−rk2u(lb)2 AAw 1

[ ln(lb/z0w )]2
basically follows Claussen (1990, 1991a, 1991b)
and von Salzen et al. (1996). However, in the
present study, we additionally account for the +Ai

1

[ ln (lb/z0i )]2B−Fd,nmomentum flux due to form drag in the calcula-
tion of lb .

The mean turbulent surface flux of momentum =−rk2u(lb)2
1

[ ln(lb/z0e )]2
(7)

Fm is given by

Fm=−Awru2*w−Airu2*i−Fd , (2) which follows from eqs. (2) and (4) with ym,j=0
if the three logarithmic wind profiles introducedwhere Aw and Ai denote the concentration of
above are used. Fd,n denotes the form drag forwater and ice, respectively (Aw+Ai=1).
neutral stratification only which is calculated fromFollowing Claussen’s (1990, 1991a, 1991b) concept
eq. (1) by solving the integrals analytically.we assume a mean logarithmic profile u(z) which
Consequently, eq. (7) can be rewritten asis defined by the effective roughness length z0e and

the effective friction velocity u*e . The values of z0e
and u*e can be derived with the additional assump-

1

Aln lbz0eB2
=

1

Aln lbz0wB2 C
Aw+

cwHf
k2(L i+L w)tion of logarithmic wind profiles over water and

ice. It is supposed that

u(lb)=uw (lb)=ui (lb), (3)
×A1−expA−0.18

L w
Hf
BB2where uw(z) and ui (z) are the logarithmic wind

profiles below the blending height over water and
ice which are characterized by the local roughness ×AAln Hfz0w−1B2+1−2 z0wHfBDlengths z0w and z0i and by the local friction
velocities u*w and u*i . The individual fluxes can

+
1

Aln lbz0iB2 C
Ai+

cwHr
k2(L i+L w)

be determined with this assumption as

Fm,j=−ru2*j=−rk2u(lb)2
1

[ ln(lb/z0j)−ym,j]2
,

(4) ×A1−expA−0.18
L i
Hr
BB2

where j refers to either water ( j=w) or ice
( j= i). The wind velocity at the blending height ×AAlnHrz0i−1B2+1−2 z0iHrBD. (8)
is obtained from

A second equation with the unknown parameters
u(lb)
u(zp )

=
ln(lb/z0e)
ln (zp/z0e)

. (5)
lb and z0e was derived by Claussen (1991b) on the

basis of results obtained with a microscale flowHerein u(zp ) is the mean wind velocity at the first
model. It was shown that the equationmodel grid point above the surface. Inserting

eq. (5) into eq. (4) results in
lb
L c Aln lbz0eB=kcb with cb=1.75 (9)

u
*j
=

k u(zp) ln (lb/z0e)
ln(zp/z0e)[ ln (lb/z0j )−ym,j]

. (6)

Thus, the individual friction velocities can be is approximately valid for the blending height.

Herein L c is the horizontal scale of roughnesscalculated if lb and z0e are known. These para-
meters can be determined as described in the variations which we set to 300 m in the MIZ. The

blending height and the effective roughness lengthfollowing.

If, as in Claussen (1990, 1991a, 1991b), the effect can be calculated now by an iterative solution of
eqs. (8) and (9).of stratification on lb and z0e is neglected, the flux
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3.3. Parameterization of momentum flux in sea ice
models

Equation (1) is based on the assumption that
the form drag has the same value per unit area

over ice and over water within one model grid
cell. For the mean atmospheric flux within one
grid cell it makes no difference if we assume that

the whole form drag modifies the flux over ice
(or water) alone. However, if we consider the
momentum balance equation of a dynamic sea ice

model (Hibler, 1979), the whole form drag due to
floe edges and ridges has to be related only to the
area of ice floes because the form drag causes a

transformation of momentum from the atmo-
spheric motion into the ice drift. Thus, the surface
wind stress in sea ice models reads

ti=ru2*i+
1

Ai
Fd . (10)

This equation gives the link between the new
parameterization of surface drag and its applica- Fig. 2. Mean neutral drag coefficients at 10 m height
tion in sea ice models. cdn10 derived from observations (Hartmann et al., 1994;

Kottmeier et al., 1994) as a function of ice concentra-The form drag Fd follows from eq. (1) and u*i tion Ai .from eqs. (8), (9) and (6). Equations (1) and (6)
require the knowledge of wind, temperature and
humidity in the atmospheric surface layer. For sea

mean cd-values in Fig. 2 results from several
ice models, these forcing variables are usually

hundred km flight distance near the surface. Since
taken from atmospheric models or from

the cd-data comprise the results of flights carried
(re-)analysis data. The freeboard height can be

out on different days, the model is run with me-
derived from the ice thickness calculated by sea

teorological and sea ice conditions which were
ice models. A major problem might be the deter-

typical for the whole measuring period rather than
mination of the flow length and the distance

for one specific day.
between ice floes. These variables are not routinely
provided by most sea ice models and have thus
to be prescribed. 4.1. Meteorological conditions

Profiles of wind, temperature and humidity,
measured about 20 km upstream of the MIZ over4. Observed data and model setup
regions with nearly 100% ice concentration, are
available for some days of the campaigns. TheyThe model METRAS is applied with and with-

out the new surface drag parameterization to the show typically a shallow boundary layer of about

100–300 m height capped by a strong inversion.flow over the MIZ in the Fram Strait region near
Svalbard. Aircraft observations during meteorolo- The observed profiles are used in the 1D version

of METRAS to calculate inflow profiles at thegical conditions of cold-air outbreaks are available

for this region from the two campaigns REFLEX northern boundary of the 2D model. The sea ice
surface temperature derived from the observationsI, II (Radiation and Eddy Flux Experiment,

Hartmann et al., 1992; Kottmeier et al., 1994) for is prescribed to be constant in the whole domain.
Sea water is assumed to be at its freezing point ofthe validation of the new parameterization.

Mean drag coefficients cd have been determined Tw=−1.8 °C because the model runs refer prima-

rily to meteorological conditions occuring infrom all flights (see next section) as function of the
sea ice concentration (Fig. 2). Each of the observed winter. Four cases with different boundary condi-
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tions and initial conditions are considered. In the and then decreases within the next 20 km to zero
(open ocean).first three cases, the geostrophic wind velocity is

set to 10 m s−1 from north (ug=0 m s−1, vg= Freeboard heights and floe lengths are para-

meterized according to Mai (1995) on the basis of−10 m s−1). Hence, the direction of the geo-
strophic wind is perpendicular to the east–west aircraft laser altimeter measurements and observa-

tions with a linescan camera during the REFLEXorientated ice edge.

In the first case (denoted as strong convective campaigns as:
case hereafter), the sea ice surface temperature is
−34 °C, which leads to strong convection over

the MIZ due to heating from the water surface.

Hf=0.49[1.0−exp (−5.9Ai )] (Hf in m)

Hr=0.5Hf
L i=31Hf/(1−Ai )

L w=L i (1−Ai )/Ai .

(11)This situation was typical for the campaign
REFLEX II (March/April 1993) from which most

of the cd-data result.
The second case (called convective case) refers Figure 4 shows the freeboard height Hf and the

to the conditions in October 1991 during floe length L i as function of the ice concentration
REFLEX I. Here, the sea ice surface temperature Ai . Typically, in the MIZs observed during
was typically −19 °C, which also leads to convec- REFLEX L i strongly increases with Ai , and the
tion over the MIZ and over the open ocean. floe lengths vary between about 300 m for Ai=In the third case (the neutral case), we use a 0.95 (also used for Ai=1) and 4 m for Ai=0.05.
value of Ti=−1.8 °C. Hence, the near-surface Hf changes from 13 cm at Ai=0.05 to Hf=49 cm
stratification is neutral over both sea ice and at Ai=0.95.
water. The inflow profiles of heat and humidity
also refer in this case to observed ones (summer

5. Drag coefficientscampaign REFLEX III, Hartmann et al., 1997).
However, during REFLEX III no drag measure-

Very often the surface momentum flux is calcu-ments were carried out.
lated via the drag coefficient cd withCase four differs from case one only with respect

to the prescribed geostrophic wind. An angle of
Fm=−rcd(z)u(z)2 and cd(z)=

u2*
u(z)2

. (12)45° is assumed between the geostrophic wind (ug=
5 m s−1, vg=−5 m s−1) and the orientation of

Although only eq. (12) is consistent with Monin–the ice edge. This case is called case with oblique
Obukhov theory, in sea ice/ocean models cd iswind hereafter.
often prescribed constant.The prescribed geostrophic wind (case with

Usually, the cd-values are referred to z=10 m.perpendicular and case with oblique wind) is close
If we calculate u* in eq. (12) with the flux averagingto observations during REFLEX.
concept, a cd-value including form drag can be

derived as

4.2. Sea ice conditions
cd10=

Awu2*w+Aiu2*i+Fd/r
(u10 )2

. (13)
For the present studies the model is used with

a north-south orientated 2D domain of 280 km Herein u10 is the wind velocity at 10 m height (the

first grid point above the surface in our model).extension including the MIZ. To minimize the
influence of the inflow and outflow boundaries an Note that this definition of u10 is different from

that used by Mai et al. (1996). They set u10 equalarea with constant ice concentration is prescribed

at the northern (Ai=100%) and the southern end to the wind speed over water, which is only an
approximation because, especially over larger(Ai=0%) of the domain. We consider two different

MIZs, both 76 km long with Ai close to typically floes, the wind can strongly differ from that over
water.observed fields during REFLEX (Fig. 3). In our

first case (MIZ1), Ai decreases linearly towards Only the determination of cd by means of

eq. (13) is equivalent to the concept of form dragthe open ocean. In a second case (MIZ2), Ai
ranges from 0.95 to 0.80 within the first 56 km and flux averaging derived in Section 3. A flux
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Fig. 3. Prescribed ice concentration Ai as a function of the distance from the northern edge of the marginal ice zones
MIZ1 and MIZ2, respectively. Both curves are approximations of observed marginal ice zones near Svalbard
(Mai, 1995).

Fig. 4. Freeboard height Hf and floe length L i as a function of ice concentration Ai calculated with eq. (11).

averaging method, however, cannot be used for to 1 km which is too short a distance for an
accurate flux determination.the determination of cd-values from observed

fluxes over the MIZ. Observed cd-values have to In literature, cd-values are usually referred to
neutral stratification and to 10 m height. Overbe calculated from
homogeneous terrain the neutral values can be

derived from observed fluxes by introducingcd10=
�u2*�
�u10�2

, (14)
stability corrected logarithmic wind profiles which
leads towhere � � denotes an average over a flight leg

(with 10 km length for the REFLEX cases) for
cdn10=k2 Ck�u10��u*�

+ym A 10�L �BD−2, (15)which homogeneous turbulence is assumed. The
average u2* is calculated from the observed covari-

ances u∞w∞ and v∞w∞ which refer to the horizontal where L is the Monin–Obukhov length. This
method was also used to transform the observedwind averaged over the total flight leg. Thus,

�u2*� is different from the concentration weighted cd-values from REFLEX to the neutral ones shown

in Fig. 2. It can be simply shown, however, thatmean value which results from the flux averaging
method. For an application of this method to drag coefficients calculated with eq. (15) are not

completely independent of stratification if the sur-observed data a separate determination of fluxes
over ice and over water within a 10 km flight leg face characteristics like temperature and rough-

ness vary strongly on the flight leg. Since forwould be necessary. This is not possible for statis-

tical reasons. At ice concentrations of 90% the neutral stratification on average ym would be zero
in eq. (15), no stability correction would be carriedflight length over open water would only amount

Tellus 54A (2002), 1
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out. However, in such a case, a flight leg can 6. Model results
consist of stable and unstable segments, with fluxes
being significantly different from fluxes at neutral Most of the results which we discuss in the

following have been obtained with the broaderconditions in each segment. Hence, �u*� and thus
cdn10 would be significantly different from values marginal ice zone MIZ1. MIZ2 is only used to

show that the drag coefficients are not very sensi-valid for neutral stratification in each segment.

A comparison of modelled and observed neutral tive to deviations from MIZ1 which is regarded
here as typical.drag coefficients is carried out for this reason as

follows. We first use METRAS to calculate the

flow field with our new surface drag parameteri-
6.1. T he boundary layer over the MIZ and

zation and the flux averaging method. When the
influence of form drag

model results are quasi-stationary we calculate

cdn10-values diagnostically with eq. (15). Here the Figures 5 and 6 show vertical cross-sections of
the modelled potential temperature and of theaverages � � correspond to grid cell averages.

Consequently, the cdn10-values diagnosed from the absolute value of the horizontal wind velocity,

respectively, for the strong convective cases, wheremodel results also refer to a stratification which
is neutral only on average. the geostrophic wind is perpendicular (upper

Fig. 5. Potential temperatureH as a function of height and distance from the northern edge of MIZ1 for Ti=−34 °C
(strong convective case) calculated with the new parameterization of form drag. The geostrophic wind is perpendicular
(ug=0 m s−1, vg=−10 m s−1 ) to the ice edge (upper panel ) and oblique (ug=5 m s−1, vg=−5 m s−1 ) to the ice
edge ( lower panel ).
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Fig. 6. Horizontal wind velocity |uhor,fd | as a function of height and distance from the northern edge of MIZ1 for
Ti=−34 °C (strong convective case) calculated with the new parameterization of form drag. The geostrophic wind
is perpendicular (ug=0 m s−1, vg=−10 m s−1 ) to the ice edge (upper panel ) and oblique (ug=5 m s−1, vg=
−5 m s−1 ) to the ice edge (lower panel ).

panel ) and oblique ( lower panel ) to the ice edge. maximum value of about 500 W m−2 at the south-
ern end of the MIZ. The increase of near-surfaceIn both cases the new surface drag parameteri-

zation is applied. A typical convective boundary fluxes over the MIZ is caused by the decrease of

ice concentration.layer with increasing mixed layer height towards
the south (right end of the figures) develops over Similar results of the general boundary layer

development obtained with the model METRASthe MIZ and over open water. An inclusion of

form drag does not alter the well known structure for the conditions of cold-air outbreaks have
already been discussed by Lüpkes and Schlünzenof the temperature and wind field in the convective

boundary layer. In accordance with earlier find- (1996), who, however, neglected the form drag.

They showed that the temperature evolution inings a maximum value of wind velocity still occurs
south of the region with closed pack ice. Figure 7 the convective boundary layer south of the pack

ice agreed well with observed data. This wasshows a vertical cross-section of the modelled
fluxes of sensible heat for the case with geostrophic possible by an inclusion of countergradient heat

fluxes in their nonlocal parameterization of turbu-wind perpendicular to the ice edge. Due to the

strong temperature difference between the atmo- lent fluxes above the surface layer which is also
used in the present study. Countergradient heatsphere and the water large fluxes occur with a
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Fig. 7. Turbulent flux of sensible heat Fs as a function of height and distance from the northern edge of MIZ1 for
Ti=−34 °C (strong convective case) calculated with the new parameterization of form drag. The geostrophic wind
is perpendicular (ug=0 m s−1, vg=−10 m s−1 ) to the ice edge.

fluxes can cause a slight increase of potential inclusion of the form drag of ridges in the pack
ice region with, e.g., the concept of Garbrechttemperature with height in the mixed layer as

visible in Fig. 5. et al. (1999) would also alter the results north of
the MIZ.Model runs were carried out with and without

the form drag parameterization. In both cases the Obviously, the form drag influence on the wind

velocities is much larger in case of geostrophicflux averaging method was applied. The temper-
ature field is only slightly changed by form drag wind oblique to the ice edge (Fig. 9), because the

flow in the boundary layer has more time to adjusteffects. Differences with respect to temperature

(not shown here) are not larger than 0.2 K. This to the lower boundary conditions. Within the
MIZ the differences amount to up to 1.1 m s−1is due to the small impact of the form drag on the

heat fluxes (Fig. 8). There are, however, more (16% of geostrophic wind) near the surface in the

case with geostrophic wind oblique to the ice edge,significant differences between the modelled abso-
lute values of the wind velocity obtained with and but they amount to only up to 0.5 m s−1 (5% of

geostrophic wind) if the geostrophic wind is per-without form drag (Fig. 9). While looking at Fig. 9

it should be kept in mind that our parameteri- pendicular to the ice edge. In both cases the
differences between the results obtained with andzation is developed for the MIZ only. An additional

Fig. 8. Turbulent surface flux of sensible heat Fs as a function of the distance from the northern edge of MIZ1. The
simulations are carried out with and without the new parameterization of form drag for Ti=−34 °C (strong convec-
tive case). The geostrophic wind is perpendicular to the ice edge.
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Fig. 9. Difference of horizontal wind velocity between a simulation with form drag (uhor,fd) and without form drag
(uhor) as a function of height and distance from the northern edge of MIZ1 for Ti=−34 °C (strong convective case).
The geostrophic wind is perpendicular (ug=0 m s−1, vg=−10 m s−1 ) to the ice edge (upper panel ) and oblique
(ug=5 m s−1, vg=−5 m s−1 ) to the ice edge (lower panel ).

Fig. 10. Relative difference of the horizontal wind velocity at 10 m height between a simulation with form drag
(u10,fd) and without form drag (u10) as a function of distance from the northern edge of MIZ1 for Ti=−34 °C (strong
convective case). The geostrophic wind is perpendicular to the ice edge (crosses) and oblique to the ice edge (squares).
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without form drag are visible in the whole bound- can be easily explained by differences in the ice
morphology (floe length, freeboard height).ary layer over the MIZ. However, the differences

in the wind velocity are most pronounced near The maximum influence of form drag on sea ice

wind stress occurs in the case with strong unstablethe surface. The relative difference of the wind at
10 m height between the model runs with and stratification and with wind oblique to the ice

edge (Fig. 12). Under such conditions the windwithout form drag can reach 20% in case of

oblique geostrophic wind (Fig. 10). Hence, an stress on sea ice is modified by at least 100% for
ice concentrations less than 50% (at about 40 kminclusion of a form drag parameterization in

coupled atmosphere–ice models would probably distance in Fig. 12) if form drag is taken into

account. In all cases which we investigated theinfluence the ice drift considerably.
Figure 11 demonstrates the effect of stratifica- influence of form drag depends on the sea ice

concentration, and it is largest at about 65 kmtion and of form drag on the surface momentum

fluxes for the cases with geostrophic wind perpen- south of the northern edge of the MIZ where the
sea ice concentration is 15–20%. The results fordicular to the ice edge. In both runs with and

without form drag the fluxes remain approxi- the sea ice wind stress indicate again that the

consideration of form drag is not only importantmately constant with increasing distance from the
northern end of the MIZ in the neutral case. In for atmospheric models but also for sea ice models.

Neglecting the form drag, the atmospheric forcingthe strong convective cases, however, the fluxes

increase towards the open ocean. This is caused of the ice motion is strongly underestimated,
especially for ice concentrations below 30%.by the acceleration of the flow over open water

which does not exist for neutral stratification. Furthermore, the horizontal divergence of the
wind stress on sea ice is only significantly differentIndependent of stratification, there is a larger

mean momentum flux at the ice–water surface if from zero if the form drag is taken into account.

Such a non-zero flux divergence could have anform drag is included in the model. The maximum
difference between the fluxes of the model runs effect on the widening of the MIZ during off-

ice wind.with and without form drag amounts to about

25% of the modelled skin drag. It occurs at ice
concentrations of about 45% to 55% (at about

6.2. Influence of form drag on drag coeYcients
40 km distance in Fig. 11) depending on thermal

stratification. This differs from a study of H-BG Figure 13 shows mean drag coefficients cdn10
calculated with eq. (15) from observations and88, due to which a maximum form drag occurs at

73% ice concentration for floes observed in the from model results as function of Ai . The simula-

tions are carried out with form drag (right panel )Fram Strait in July 1983. However, this difference

Fig. 11. Absolute value of the turbulent surface momentum flux |Fm | as a function of the distance from the northern
edge of MIZ1. The simulations are carried out with and without the new parameterization of form drag for both
Ti=−34 °C (strong convective case) and Ti=−1.8 °C (neutral case). The geostrophic wind is perpendicular to the
ice edge.
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Fig. 12. Wind stress on sea ice ti as a function of the distance from the northern edge of MIZ1. The simulations are
carried out with and without the new parameterization of form drag. In the upper panel, the geostrophic wind is
perpendicular (ug=0 m s−1, vg=−10 m s−1 ) to the ice edge and the sea ice surface temperature is Ti=−34 °C
(strong convective case) and Ti=−1.8 °C (neutral case). In the lower panel, the geostrophic wind is oblique (ug=
5 m s−1, vg=−5 m s−1 ) to the ice edge and the sea ice surface temperature is Ti=−34 °C (strong convective case).

and without form drag ( left panel ) for the three this effect results from the application of eq. (15).

The values for the case with neutral stratificationcases (see Section 4) with perpendicular geo-
strophic wind to the ice edge and with different over ice and over water (uppermost curve in the

right panel of Fig. 13) are significantly larger thansea ice surface temperatures (strong convective,

convective and neutral case). The influence of the those obtained with eq. (15) for the convective
cases. Since most of the observed cdn10-values weregeostrophic wind direction on the drag coefficients

is negligibly small. For this reason, only results derived from strong convective cases, the most
meaningful comparison is between our modelfor geostrophic wind perpendicular to the ice edge

are discussed. Obviously, the modelled cdn10-values results for the strong convective case and the

observed data. Obviously, a neglection of formdepend on stratification and hence on the sea ice
surface temperature. As explained in Section 5, drag leads to an underestimation of the mean drag
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Fig. 13. Mean drag coefficients at 10 m height cdn10 calculated with eq. (15) from observations and from model
results as a function of ice concentration Ai . The simulations are carried out with (right panel ) and without ( left
panel ) the new parameterization of form drag for MIZ1 and for three different sea ice surface temperatures.

coefficients in the MIZ (left panel of Fig. 13), and

the inclusion of the form drag can approximately
explain the observed dependence of cdn10 on ice
concentration. The observed maximum of cdn10
occurs at ice concentrations of about 45% whereas
the modelled maximum value is between 55% and
60%. This difference is within the observational

error (see Fig. 13). For larger ice concentrations
the drag coefficients decrease with Ai for two
reasons. The first one is the sheltering effect of ice

floes with small distances from each other. The
second one is the increase of the floe diameter
with increasing ice concentration due to eq. (11),

which is equivalent to a decrease of floe edges per
unit area.

The results in Fig. 13 indicate that aircraft-

observed cd-values over the MIZ which are
reduced to neutral values underestimate the real
cdn10 by up to 20% in the case of strong differences

between the surface temperatures of ice and ocean.
In general, the strength of this effect depends on

Fig. 14. Mean drag coefficients at 10 m height cdn10 cal-the ice concentration and on the stratification.
culated with eq. (15) from observations and from model

The sensitivity of the modelled mean drag
results for different coefficients of resistance cw in the

coefficients to the coefficients of resistance cw in form drag parameterization as a function of ice concen-
the form drag parameterization is demonstrated tration Ai . The simulations are carried out for MIZ1

and Ti=−34 °C (strong convective case).in Fig. 14. The squares refer to the new para-
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meterization proposed in Section 3. Obviously,
with this choice of cw the modelled curve and
observed data agree best. Larger differences occur

only at sea ice concentrations of about Ai=40%.
For the lowest curve we used the new parameteri-
zation but set Hr=0 which means that the ridge

at the leeward side of the floe is neglected. The
difference between both curves is not larger than
10% but the full new parameterization withHr≠0

seems to agree slightly better with the observa-
tions. Additionally, Fig. 14 contains two results
(upper curves) for cw=1 and Hr=0. These are

the values used by H-BG 88. In contrast to the
curve marked with stars the uppermost curve
(crosses) additionally neglects the stratification in

the form drag calculation [ym=0 in eq. (1)], and
thus refers to the original H-BG 88 drag para-
meterization. Obviously, the latter strongly over-

estimates the mean drag coefficients.
It could be speculated whether the results

obtained for the two marginal ice zones MIZ1
Fig. 15. Mean drag coefficients at 10 m height cdn10 cal-

and MIZ2 results in different drag coefficients,
culated with eq. (15) from model results for the two

because the skin drag roughness length over water different marginal ice zones MIZ1 and MIZ2 as a func-
is calculated with the Charnock formula. Hence, tion of ice concentration Ai . The simulations are carried
z0w depends on the skin drag friction velocity, and out with the new parameterization of form drag for Ti=

−34 °C (strong convective case) and Ti=−19 °C (con-for this reason also on the near surface wind
vective case), respectively.velocity which is slightly different in the two cases.

As Fig. 15 shows for the convective cases, there is,
however, only a very small difference between the form drag, which is accounted for in the new

concept only. It turns out by comparison of mod-results obtained with MIZ1 and MIZ2.
elled and observed mean drag coefficients that the
second and third revisions have the largest effects

on the drag coefficients. The assumption of a7. Summary and conclusions
pressure ridge at the leeward floe edge also effects
the results, but its influence is much smaller thanA new parameterization of surface drag over

the MIZ has been derived which accounts for the those of the other assumptions.
Mean drag coefficients obtained from a modelform drag of floe edges. It combines the form drag

parameterization of H-BG 88 with the so-called application to the MIZ with the new parameteri-

zation agree well with observations. A neglectionflux averaging method of Claussen (1990, 1991a,
1991b) for the determination of mean surface of form drag leads to a strong underestimation of

cd-values. Use of the original concept of H-BG 88fluxes over inhomogeneous terrain. The individual

subgridscale fluxes over ice and water are calcu- results in an overestimation of the mean drag
coefficients.lated as a function of the blending height, which

is influenced by form drag. In the new parameteri- The model studies indicate that a method often

used for transforming observed nonneutral dragzation three assumptions of the original concept
of H-BG 88 are revised. First, we assume floes coefficients into neutral ones does not work well

over surfaces with strong temperature inhomoge-with pressure ridges at the edges instead of flat
floes. Second, the coefficient of resistance of ice neity. The differences between the transformed drag

coefficients and those for neutral stratificationfloes used in our parameterization is much smaller

than that of H-BG 88. The third difference con- over ice and over water are largest when the
transformed coefficients result from drag coeffi-cerns the influence of thermal stratification on the
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cients observed originally during strong convective height which we did not discuss in the present
paper. It should be also kept in mind that anstratification. Thus, it could be useful to carry out
application of mean cd-values cannot reproduceadditional aircraft observations during neutral
heat fluxes directed upward when the stratificationconditions over water and ice which are typically
is neutral or stable on average within one gridmet in the Arctic summer.
cell. This is only possible with a flux averagingDrag coefficients as a function of the sea ice
procedure.concentration could be of interest for models in

The form drag can have a strong influence onwhich the surface fluxes are determined from mean
the wind field over the MIZ and particularly onsurface parameters rather than from a flux aver-
the sea ice wind stress. Hence, it could be worthaging method. In such models, neutral cd-values
incorporating the form drag of floe edges intoshould be used which result from our model run
coupled atmosphere–ice models to investigate itsfor the neutral case considered in the previous
effect on the sea ice drift.section (uppermost curve in Fig. 13). With respect

to a parameterization of cd-values as a function of

the ice concentration, the results shown in Fig. 15 8. Acknowledgements
are encouraging because the influence of the
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Meereisflächen. M.Sc. T hesis, University of Bremen, Application of the concept of blending height to the
75 pp. calculation of surface fluxes in a mesoscale model.

Mai, S., Wamser, C. and Kottmeier, C. 1996. Geometric Meteorol. Z. 5, 60–66.
and aerodynamic roughness of sea ice. Boundary- Wefelmeier, C. 1992. Numerische Simulation mesoska-
L ayer Meteorol. 77, 233–248. liger, dynamischer Wechselwirkungen zwischen Atmo-

Orlanski, I. 1976. A simple boundary condition for
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